Chapter Nine

Vertical Thermal Structure of a Planetary
Atmosphere

9.1 INTRODUCTION

The vertical temperature structure of the planet atmosphere is fundamental to un-
derstanding exoplanets for several different reasons. The most significant reason is
that the temperature of the planetary surface tells us whether or not a planet is hab-
itable. If the surface is too hot for covalent bonds to form complex molecules, then
life cannot exist. More conventionally, people believe that liquid water is necessary
at the surface for life to exist. The surface temperature and pressure define whether
or not liquid water is stable. Beyond habitability, the vertical temperature pres-
sure structure is the starting point for computing equilibrium and nonequilibrium
chemistry to understand the composition of the planetary atmosphere.

Each of the solar system planet atmospheres has a qualitatively similar vertical
temperature profile (Figure 9.1). This motivates us to begin with an understanding
of the vertical temperature profile. Atmospheric temperatures can and do vary in
the horizontal as well as in the vertical direction. This is especially true for hot exo-
planets tidally locked to have permanent day and night sides. We defer a discussion
of horizontal heat transport until the next chapter.

In this chapter we describe the 1D vertical pressure and temperature structure of
a planet atmosphere. It is common to use pressure as a proxy for altitude (they are
connected by hydrostatic equilibrium). We will use the abbrievation T-F profile.
There is no simple equation to describe the vertical T- P structure, but rather many
physical ingredients are at play.

9.2 EARTH’S VERTICAL ATMOSPHERIC STRUCTURE

We will begin with an overview of Earth’s vertical temperature, pressure, and den-
sity structure, simply because Earth’s atmosphere is the most accessible planetary
atmosphere to us. Figure 9.2 shows the Earth’s vertical structure typical of midlat-
itudes.

Earth has several different regions of the atmosphere, the lower four correspond-
ing to altitudes of temperature reversals. These are regions of differing temperature
profiles, caused by absorption of and subsequent heating by solar radiation. Solar
radiation is absorbed at different altitudes, depending on the wavelength of light
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Figure 9.1 The vertical structure of solar system planet atmosphere temperatures. Notice the
overall similarity in the temperature profiles. The thermal inversion, or strato-
sphere, on most planets comes from CH4-induced hazes for the giant planets and
from O3 for Earth. Adapted from [1].

and the atmospheric composition. In Chapter 6 we described how radiation pene-
trates to different altitudes depending on the wavelength. For Earth, see Figure 9.3.

The lowest layer of Earth’s atmosphere is the “troposphere.” This is the region
where we live and where most of what we call the weather occurs. For scale,
note that Mt. Everest, at 8,856 m, reaches less than halfway through the tropo-
sphere. Most of the mass of Earth’s atmosphere is in the troposphere—around
85%—because the atmospheric density decreases exponentially with increasing al-
titude (see the left-hand y-axis of Figure 9.2). The exponentially decreasing den-
sity is caused by hydrostatic equilibrium (Section 9.3.1) and is also familiar to Mt.
Everest climbers, who require bottled oxygen to combat the decreasing amount of
oxygen as they ascend. Because the troposphere contains the highest density, the
troposphere is where most of the strong spectral features at visible and infrared
wavelengths originate.

In the troposphere the temperature is hottest at the ground and decreases with in-
creasing altitude. The ground is heated by solar radiation that makes it through the
atmosphere unimpeded. We see from Figure 9.3 that most of the visible-wavelength
solar radiation penetrates Earth’s atmosphere to the surface. The ground reradiates
the absorbed solar energy to heat the atmosphere. Some solar radiation is absorbed
in the troposphere (by water vapor, carbon dioxide, and other gases at infrared
wavelengths). The greenhouse effect also plays a role.

The stratosphere is the layer above the troposphere. There is a temperature
inversion in the stratosphere. In other words, the temperature increases with in-
creasing altitude, opposite to the troposphere. The stratopause marks the beginning
of the temperature inversion. Why is there a temperature inversion in the strato-
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Szure 9.2 The vertical structure of Earth’s atmosphere typical of midlatitudes. From the
1976 U.S. Standard Atmosphere [2]. Notice how the highest densities near the
surface imply that most of Earth’s mass is in the troposphere.

where? The stratosphere is heated from above by absorption of UV solar radiation
ozone. This UV radiation is detrimental to most biological cells, making the
atosphere a protective layer to life on Earth.
The stratosphere and the troposphere are the layers of the atmosphere that are
=ost relevant for us. They are the regions where the spectral features occur and in
where the surface lies and weather happens. The upper layers do have some
iect on the lower levels, via photochemistry and atmospheric escape (Chapter 4).

ghty-ﬁve percent of the mass of Earth’s atmosphere is in the lower 10 km, out
an atmosphere that extends to about 100 km. Mountain climbers know this;
or example, most climbers require bottled oxygen when hiking up Mt. Everest.




184 CHAPTER 9

=

i=

& e H,0 €O, O

£

2 H,0

s t

2 o0, H,0 o, HO
& S

=]

E

< _— ] - :
£ 02um 05 10 5 10 20 100um

Wavelength (Not to Scale)

Figure 9.3 Transmission of solar radiation. Adapted from [1] and references therein.

9.3.1 Hydrostatic Equilibrium

Hydrostatic equilibrium is the balance between gravitational and pressure forces.
Gravity acts to compress the atmosphere. The gas pressure balances this com-
pression. In the case of a planet atmosphere, hydrostatic equilibrium is a balance
between the outward pressure gradient force and inward gravitational force from
the weight of the overlying material. The “static” in hydrostatic equilibrium refers
to stationary conditions.

Hydrostatic equilibrium is required for a planet atmosphere to be stable. For
example, Earth’s atmosphere would collapse into a thin shell if it weren’t for the
outward pressure force. Without the force of gravity, the gas in a planetary atmo-
sphere would diffuse into space, leaving an atmosphereless planet.

We now proceed with the derivation of the hydrostatic equilibrium equation. We
consider a volume element of homogeneous gas where the pressure forces Fip(z) in
the volume element balance the gravitational forces Fy(z). Here V' is the volume
element, d A is the cross-sectional area, and dz is the distance along the column.
We define the sign convention as positive downward toward the planetary surface.

The gravitational force on the volume element is described by

Fy(z) = mg = pgdV = pgdzdA, (9.1)
where g is the gravitational acceleration. The pressure force
Fp(z) = dPéA 9.2)

is related to the pressure difference d P between the pressure on the upper and lower
surfaces of the volume element:
dP dP
dP = P(z; + dz) — P(z) = P(z) + d—fiz — P(z) = d—ﬁz, (9.3)
z 2
where the first term in the second equality is expanded to first order using Taylor’s
expansion. Equating the gravitational and pressure forces from the above three
equations, we obtain

dpP X
—d20A = —gpdzd A. (9.4)
dz

Here the negative sign arises because the gravitational force is acting downward on

the planetary volume element and the pressure force is acting upward, and we have



CHAPTER

H,0

100um

© and references therein.

and pressure forces.

¢ balances this com-
equilibrium is a balance
sravitational force from
tic equilibrium refers

ere to be stable. For
shell if it weren’t for the
£as in a planetary atmo-
planet.
ilibrium equation. W=
pressure forces Fp(z) i=
. Here §V is the volums
ce along the colum=.
the planetary surface.
by

(9.1

(R
on the upper and lower
dpP

Z3 2—6 _.:
1) 75 ©

Srst order using Taylor s
from the above thres

(CE

is acting downward o=
ing upward, and we have

VERTICAL THERMAL STRUCTURE OF A PLANETARY ATMOSPHERE 185

set the net force equal to zero. In the limit as dz becomes infinitesimally small, we
have the hydrostatic equilibrium equation,

apP
el ©.5)

We have previously described a planetary atmosphere in terms of an optical depth
scale rather than an altitude scale. To convert the hydrostatic equilibrium equation
from an altitude scale to an optical depth scale, we use the definition of optical
depth (equation [5.14])

L 90 9.6)

dr &

Here we have used the mean optical depth scale together with the mean opacity %,
but any reference scale is adequate as long as 7, and &, correspond to each other
at the specified frequency.

Hydrostatic equilibrium means that the atmosphere is stable; it is neither col-
lapsing, nor expanding, nor escaping. For almost all situations in a planetary atmo-
sphere, the above hydrostatic equilibrium equation is the form we want to use.

One assumption we have made is in omitting any vertical acceleration, whereby

. the net force on a volume element need not be zero. There are situations where ver-

tical accelerations do occur, for example, hydrodynamic escape in the very upper
atmosphere of an evolving planetary atmosphere. Another example is on very small
scales—much smaller than we are considering in this book. Vigorous small-scale
systems, such as tornadoes, thunderstorms, and convection, have nonzero vertical
acceleration.

9.3.2 The Equation of State

The equation of state relates the temperature, pressure, and density of a given ma-

terial. For planetary atmospheres it is adequate to use the ideal gas law
pkT

HmMH ;

Here n is the number density, & is Boltzmann’s constant and (i, is the mean molec-
ular weight,

P kil —

9.7)

m=—, 8
7 e ©.8)

where 7 is the number-weighted average mass of the molecules and atoms in the
gas and my is the mass of the hydrogen atom. :

9.3.3 The Pressure Scale Height

The pressure scale height H is a characteristic length scale of the planetary at-
mosphere. H is important because we can use it to estimate the total height and
volume of the atmosphere.

Ii?f‘ (S haa
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As we shall see, the pressure scale height is the e-folding distance for pressure
for an isothermal atmosphere with a constant mean molecular weight. The pressure
scale height, in other words, is the altitude above which the pressure drops by a
factor of e (e = 2.71). The pressure scale height is a characteristic length which
is a good measure for the radial extent of a planetary atmosphere—the spectra we
can observe come from a region in the atmosphere limited to several scale heights.

We derive H from the hydrostatic equilibrium equation [9.5]

dP
d-z - gp,
and the ideal gas law (equation [9.7]
kT
P=nkT =
Hm Ty

Combining these equations gives
dP  pmmug

d 9.9
P kT *:3)
with a solution

P = Pye */H (9.10)
where we have defined the pressure scale height to be

T
H = - : 9.11)
HmMyyg

Here again my is the mass of the hydrogen atom and y,, is the mean molecular
weight. We emphasize that the pressure scale height we have derived is for constant
T and constant yi,,,, and we have neglected the variation of g with altitude.

The scale height H for solar system planets is on the order of 5 to 20 km, and
is given in Table 3.1. For hot Jupiter exoplanets, the scale height can be several
hundred kilometers. We may estimate the total atmosphere relevant for spectral
lines as approximately 5 scale heights.

With the pressure scale height we can also get a handle on how the pressure and
density vary as a function of altitude. Even though we have assumed an isothermal
atmosphere, equation [9.11] shows us that the pressure (and density via the ideal
gas law) varies exponentially with altitude. The temperature for a typical planetary
atmosphere varies by only a factor of a few (see Figure 9.1).

9.4 SURFACE TEMPERATURE FOR A SIMPLIFIED ATMOSPHERE

We begin our investigation into the vertical thermal structure of a planetary atmo-
sphere by estimating the difference between the atmosphere and surface tempera-
tures in a very simple model. We will use a previous derivation of the equilibrium
temperature 75, in Chapter 3. In Chapter 3 and Figure 3.1 we used the concept
of energy balance to equate the total flux from a star incident on a planet (equa-
tion [3.3]),

- %
(1 — Ap)Fs.. (?) mR2, 9.12)
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with the total flux emerging from a planet,

AmR2Fs p, (9.13)
to find
g 1 4 7RRE

ORI oq = E"BT«;H.* T (1 - Ag) 9.14)

and the equilibrium temperature (equation [3.3])

R, Ve 1/4

T =gl — 1-A oL 9.15
q f, (2@) ( B) (9.15)

Here we have assumed that the absorbed stellar radiation is circulated evenly
around the planet. We have also used the Stefan-Boltzmann Law (equation [3.6]),
equating flux with temperature F = o T* where o is the radiation constant and
T is temperature.

Recall that 7, is a theoretical number that is the temperature attained by an
isothermal planet after it has reached complete equilibrium with the radiation from
its parent star. In the context of an idealized planetary atmosphere, the equilibrium
temperature is essentially the temperature at the layer where most of the radiation
is emitted. For this subsection we will refer to the equilibrium temperature as the
emission temperature, 7., = 7.. We also denote the stellar effective temperature
Tci[.,t =T..

We now move to describe a simple greenhouse atmosphere (Figure 9.4), still
considering uniform redistribution of absorbed stellar radiation, and following [3].
In this atmosphere there are two layers. The bottom layer is the surface. We assume
that all of the radiation from the star (in the form of stellar flux) reaches the surface,
that is, there is no scattering. This is a reasonable approximation for stars with
most of their energy output at visible wavelengths and for a planet atmosphere
composed of molecules that primarly absorb and emit at infrared wavelengths. We
assume the radiation that reaches the ground is absorbed, heats the surface, and is
reemitted at longer wavelengths characteristic of the atmospheric temperature (see
the discussion of black body radiation in Section 2.8 and Figure 2.7).

The reprocessed flux (in the amount of the absorbed incident stellar flux) then
travels upward and is absorbed by the second layer. We will call this second layer
the atmosphere layer. In this picture, the atmospheric layer absorbs at infrared
wavelengths; we have already assumed the planetary atmosphere is composed of
molecules that primarily emit at IR wavelengths.

We assign a temperature 7T, to the atmosphere layer and T to the surface layer.
Our goal is to estimate the surface temperature in terms of the planet’s equilibrium
temperature (7;) and in terms of the atmosphere layer temperature. Let us focus
first on the atmospheric layer. From energy balance, the radiation emerging from
the top of the atmosphere layer must be equivalent to the absorbed stellar radiation,

R 2
ETRTZ_: = t‘TRTj (2—*) (l = AB} (9'6}
l‘.'.'.
But the definition of equilibrium temperature 7, comes from the same energy bal-
ance requirement (equation [9.15]). We therefore equate the atmospheric and emis-
sion temperatures,

orTe = or T2 (9.17)
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Figure 9.4 The simple greenhouse. Adapted from [3].

The atmosphere layer is the layer emitting to space, so it makes sense that t
atmosphere and emission temperatures are equivalent.

At the surface, energy balance again means that all of the incoming stellar ==
diation absorbed must be subsequently reradiated. There are two contributions =
the absorbed radiation at the surface: the radiation incoming from the star and
downward radiation from the atmosphere layer,

R*

2
a'RTsd‘ZO_RT;1 (%) (1—AB)+0RT:. (9.1%

We have previously shown above that the first term on the right-hand side is equive
lentto orTs and the second term on the right-hand side is also equivalent to o= 7
giving

=Dl (918
We see that the surface temperature is about 1.19 times the atmospheric temme
ature. In this simplified greenhouse model, the atmosphere layer contributzs =
heating the planet surface. This simple greenhouse model overestimates Ea==
surface temperature but significantly underestimates Venus’s surface temperat==
For Earth the model gives Ty ~ 303 K, based on Tt ~ 255 K, compared to the =
erage surface temperature 75 ~ 280 K. For Venus, the model surface temperzsus
is Ty ~ 274 K based on T, = 230 K, compared to the measured 73 = 730 K.

In the simple greenhouse model we have assumed that the absorbed stellzr ==
diation is trapped by the atmospheric layer. In a slightly more realistic mods’ w=
consider a “leaky” greenhouse [3]. In the leaky greenhouse (Figure 9.5) the «m
gle atmosphere layer is optically thin. Again, we make the simplifying assumptus
that all of the radiation from the star not scattered back to space reaches the plams
surface. We will write down two equations to solve for 7 in terms of 7.

By energy balance the radiation leaving the planet must be equal to the =
amount of radiation absorbed by the planet. There are two contributions = &
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Figure 9.5 The leaky greenhouse. Adapted from [3].

radiation leaving the planet. The first contribution is from the atmosphere layer and
the second contribution is the surface radiation that leaks through the atmosphere.
We therefore have

orTd = orT} + orTY (1 — @), (9.20)

where a € (0,1) is the fraction of radiation that is absorbed by the atmosphere
layer. At the planet surface, we again have

orT} = orT) + orT). (9.21)

Solution of the above two equations yields

9 1/4
T, = (—) T. (9.22)

2 -«

The greenhouse warming effect is reduced by the paritally transparent atmo-
sphere layer. We can see that if & = 1 all radiation is trapped by the atmosphere
layer, in agreement with the simple greenhouse model (also showing that the simple
greenhouse model is a special case of the more general leaky atmosphere model).
In the limit &« — 0, we recover T; = T, the case where the atmosphere layer is
transparent to radiation (or there is no atmosphere layer). The surface layer is al-
ways warmer than the atmosphere layer in the leaky greenhouse model. We could
further show, using Kirchhoff’s Law, that T, > T, > T,.

In the above simple greenhouse and leaky greenhouse models we have effectively
explored a radiative equilibrium model for a one-layer atmosphere in the case of
no scattering. If we were to extend the simple models to many layers, with the
appropriate value for o in each layer, considering all wavelengths, molecules, and
clouds, we would approach a multilayer radiative equilibrium model.
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9.5 CONVECTION VERSUS RADIATION

In a planetary atmosphere energy can be transported by radiation, convection, or
thermal conduction. The competing heat transport methods are radiation and con-
vection. In the relatively dense lower atmospheres that we are considering, thermal
conduction is not important. What determines whether or not convection is taking
place in a planetary atmosphere? Energy will be transported by the most efficient
method—that is, via the “path of least resistance.” If the opacity (the absorption
or scattering of photons) is low, then the energy is most likely to be transported by
photons. If the opacity is high then the resistance to the flow of photons is high,
and energy is more likely to be carried by convection.

To quantify which energy transport mechanism dominates, we turn to a discus-
sion of temperature gradients (d1'/dz). We begin with a qualitative discussion on
how the temperature gradient determines whether or not convection will occur. If
convection will occur we call the atmosphere unstable against convection. We call
a situation stable if, after a disturbance, the system will return to its original state.

Consider an air parcel that is slightly unstable, rises a slight distance, and ex-
pands adiabatically to the ambient pressure. Adiabatic expansion means that there
is no heat exchange with its surroundings; the air parcel will have the same pressure
as the surrounding atmosphere, but its own (possibly different) temperature and
density. If the air parcel is colder and therefore more dense than its surroundings it
will sink, and convection will not occur. The atmosphere is said to be stable against
convection. In contrast, the atmosphere is said to be unstable against convection if,
after rising a slight distance and expanding, the air parcel continues to rise. This
happens if the air parcel is hotter and therefore less dense than its surroundings, so
that the buoyancy force will cause the air parcel to continue to rise.

The criterion for convection, then, is related to two temperature gradients: (1) the
adiabatic temperature gradient (the temperature gradient followed by the rising air
parcel) and (2) the surrounding atmospheric temperature gradient. If the adiabatic
temperature gradient is shallower than the atmospheric temperature gradient, the
atmosphere is unstable and convection occurs. This criterion for convection is then

a criterion for buoyancy,
(E) > (@) | 9.23)
dz ad dz atm

Convective stability and instability in terms of the atmospheric and adiabatic tem-
perature gradients are described in Figure 9.6.

In order to understand under what conditions a temperature gradient is small or
large we now turn to a quantitative discussion of the adiabatic and radiative tem-
perature gradients. The adiabatic temperature gradient is (derived in Section 9.7.2)

a__9 (9.24)
dz Cp
where g is the surface gravity and ¢, is the specific heat capacity at constant pres-
sure in units of J kg~ s~
Convection will set in when the adiabatic gradient becomes small, or when the
radiative temperature gradient becomes large. The adiabatic temperature gradient
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Figure 9.6 Illustration of temperature profiles stable or unstable against convection.

(equation [9.24]) becomes small when the heat capacity becomes large. The spe-
cific heat capacity is the amount of energy that must be transferred to the gas per
unit mass at constant pressure to increase the temperature by 1 K. In a situation
where a large amount of energy is needed to heat the gas by 1 K, the adiabatic
temperature gradient will become very small. A typical example in stars is the
layer where an abundant element such as hydrogen starts to ionize. The tempera-
ture increase goes into energy to remove the electrons from the atoms, rather than
to increase the kinetic energy in the gas; the heat capacity becomes large because
a lot of energy is needed to heat the gas. A similar situation also occurs in the
hot interiors of giant planets like Jupiter, where at T > 4000 K hydrogen starts to
ionize.

The radiative equilibrium temperature gradient in the limit of the diffusion ap-
proximation is (Section 6.4.4)

dT 3 R
) el 9.25
( dz ) rad 16 ' GH_T3 ( )

While the above equation is valid only deep in a planetary atmosphere where the
diffusion approximation holds, the equation serves to illustrate criteria where the
radiative temperature gradient becomes large. The radiative temperature gradient
becomes large when either the radiative flux I* or the mean opacity x becomes
large. In planet interiors, the fluxes may be large for giant planets, driving con-
vective interiors. In the atmospheres, the fluxes may not be large enough to force
convection.

The opacity, on the other hand, is a driving factor for convection. The opac-
ity becomes large where the number density of absorbing particles becomes large.
Hence, deep in a planetary atmosphere where high opacities and optically thick
conditions prevail, convection almost always sets in. In the upper part of the plan-
etary atmosphere, transport of energy by radiation usually dominates over convec-
tion. In addition, the opacity can change from large to small (or vice versa) due
to changes in temperature and pressure versus altitude in a planetary atmosphere—
these change the atomic or molecular makeup of the atmosphere. Jupiter, for ex-










































